Abstract. The paper introduces a semi-distributed hydrological model, suitable for continuous simulations, based upon the use of daily and hourly time steps. The model is called Distributed model for Runoff, Evapotranspiration, and Antecedent soil Moisture simulation (DREAM). It includes a daily water budget and an "event scale" hourly rainfall-runoff module. The two modules may be used separately or in cascade for continuous simulation. The main advantages of this approach lay in the robust and physically based parameterization, which allows use of prior information and measurable data for parameter estimation.
Introduction
Distributed hydrological modelling of floods and water balance at basin scales provides knowledge and tools of increasing utility in water resources management. Models are increasingly used in order to simulate scenarios in catchment management, to complete or extend data sets (such as flood series), to evaluate the impacts of external forces (land use or climate change) and to fully understand the hydrological processes. In the hydrological literature many simulation models are available: TOPMODEL (Beven and Kirkby, 1979; Sivapalan et al., 1987) , THALES (Grayson et al., 1995) , TOPKAPI (Ciarapica and Todini, 2002) and many others; selecting the "best" one always involves a balance between data requirements and cost of model implementation.
Nevertheless, many other issues still challenge the scientist and the engineer-hydrologist. For instance the endemic Correspondence to: S. Manfreda (manfreda@princeton.edu) lack of reliable data for calibration-validation of models, the equifinality in distributed modelling raised by Beven (1993) , the upscaling and downscaling of hydrological models, the optimization of model parameterization, the exploitation of Geographic Information Systems (GIS), the identification of breakthrough technologies that are expected to improve hydrologic modelling. As highlighted in the Science and Implementation plan of PUB (IAHS Decade on Predictions in Ungauged Basins - Sivapalan et al., 2003) , what above mentioned may be included in the general research on reduction of uncertainty of the hydrological prediction. Such research should develop as far as possible from blind trial and error procedures and as much as possible through the understanding of the physical process involved in the basins and the identification of processes which are dominant or controlling at different time and space scales, with reference to climate, local conditions, data requirements and type of application.
In the present paper we propose a semi-distributed model which tries to match accuracy, physical consistency and numerical efficiency. DREAM (Distributed model for Runoff, Evapotranspiration, and Antecedent soil Moisture simulation) has a parsimonious structure that fairly accomplishes the required balance between available data and computational costs. It operates at two time scales: daily and hourly. In principle, daily simulations are performed with the aim of evaluating the soil moisture conditions to be considered as initial conditions for the hourly module. The code, written in MatLab, is available online: www.princeton.edu/ ∼ manfreda/ DREAM.
The following sections provide a detailed description of the model along with examples of model application and validation. Moreover, a strategy for parameter calibration is suggested in order to exploit as much as possible daily data. The perspective of such approaches leads to the design of a continuous simulation scheme. 
The model
DREAM model includes two sub-models operating at distinct time scales. Daily-DREAM (D-DREAM) model is mainly designed to reproduce daily runoff and soil dynamics. When a given threshold of rainfall is exceeded, a different module (Hourly-DREAM, in the following H-DREAM), reproducing the flood event at an hourly step, becomes operative. DREAM simulations are compound by the alternation of D-DREAM and H-DREAM runs or otherwise the two models may be applied separately. In both cases, the hydrological processes are computed on a grid-based representation of the river basin. Data concerning vegetation coverage, soil texture, local slope, etc., are required, for each cell.
The cell water balance is sketched in Fig. 1 ; canopy cover determines the amount of rainfall intercepted by vegetation before hitting the soil surface, throughfall (precipitation minus interception) is initially stored in surface depressions. Net precipitation (throughfall minus depression storage) is then subdivided in surface runoff and infiltration into the soil. Soil water content is redistributed within river sub-basins according to the morphological structure of the basin. Groundwater recharge is obtained as cell percolation through the vadose zone and is routed as a global linear reservoir. More details will be provided in the following sections of this paper.
Rainfall interception and surface depression storage
The amount of canopy interception, although negligible during the extreme events, is an important term of the water balance. On the annual scale it may be responsible for losses reaching 10%-20% of the total precipitation (Chang, 2003) . Interception is modelled as a simple bucket of limited capacity w sc , and according to Dickinson (1984) :
where: LAI is the Leaf Area Index.
The canopy water content is governed by a balance equation:
where p v is the interception rate and e wc is the direct evaporation rate. Direct evaporation of water from the canopy is assumed proportional to the wet canopy ratio w wc , according to Famiglietti and Wood (1994) : e wc = (w c /w sc ) 2/3 e wct if w c > 0
where: (w c /w sc ) 2/3 represents the ratio of wet canopy (Deardorff, 1978 ) and e wct is the potential evaporation rate from the entire canopy. Surface depression storage w dep produces a rainfall loss p dep that depends on the local characteristics of slope, land use, and soil type. The amount of water that is stored in the surface depressions is ponded to evaporate or be infiltrated later; then, p dep depends on the evaporation e 0 [L] from water surface and the infiltration i D :
where the rainfall loss p dep and the infiltration i D into the ground are found as follows:
w max is the water storage capacity of the soil given in Table 1; throughfall, if less than the available storage capacity (w max −w dep ), is completely stored in the surface depressions; otherwise, surface storage is equal to the available storage capacity (w max −w dep ).
Soil water balance
Soil water content may be considered as a key variable in many fundamental processes that occur in a basin. The soil moisture storage in the vadose zone varies in space and time depending on rainfall, evapotranspiration, interflow and groundwater recharge. The following water balance equation is imposed at the cell scale ( Fig. 1) :
where: S t =θ t D is the soil water content at time t, θ t is the volumetric soil moisture content, D is the soil depth, I t the infiltration into the soil surface, ET veg represents the water uptaken by the vegetation, RS t the lateral flow exchange, and RG t the groundwater recharge during the time step t.
After canopy interception and surface depression storage are deducted, net precipitation infiltrates until the saturation Table 1 . Parameter w max (mm) as a function of the land use, the slope and the soil type (Liu et al., 2003 capacity of the soil S max is reached. As a consequence, surface runoff R t and infiltration I t are found as:
where: P net,t =P t −p v −p dep is the net precipitation in the time step t (rainfall minus interception and surface storage), S max =θ s D is the soil water content at saturation and θ s is the volumetric soil moisture content at saturation. After infiltration, the soil water that locally exceeds the field capacity is redistributed within each sub-basin of Horton order immediately smaller than that of the whole basin. Such redistribution (Eq. 9) exploits the properties of the wetness index (W ) introduced by Kirkby (1975) . W describes the spatial variation of soil moisture, reflecting the tendency of water to accumulate in regions with large drainage area and relatively low local slope. As a consequence, cells with high values of W may reach saturation and water in excess of saturation capacity is considered exfiltrated and contributes to runoff.
Such redistribution is introduced in the evaluation of the lateral flow exchange:
where: RS t,j is the subsurface lateral flow into cell j , W i = ln(a/ tan β) (a is the drainage area per unit contour length and tan β is the local slope in the steepest descent direction) is the wetness index at cell i, S t,i is the soil water content at cell i at time t, S c,i =θ c D is the soil water content at the field capacity at cell i where θ c is volumetric soil moisture content at field capacity, N(t) is the number of cells (in any sub-basin) that at the time t exceed field capacity and c [T −1 ] is the subsurface flow coefficient.
Baseflow, soil losses and evapotranspiration
Baseflow is modelled as a linear reservoir (of volume W GW ) that routes water percolated from all basin cells, with discharge Q b proportional to groundwater storage:
is the groundwater recession constant. Percolation through the unsaturated zone represents the aquifer recharge RG t and is assumed, according to Eagleson (1978) , as a function of the hydraulic conductivity of soil:
where: K s is the coefficient of permeability at saturation, and the parameter m is the pore-size distribution index. This equation is highly non linear and may generate a severe overestimation of recharge if applied at daily time step. Then, eq. 11 was replaced by a simplified formula that accounts for the non-linearity in soil water content behaviour during the chosen time step t (see Appendix A).
Evapotranspiration is evaluated as the sum of two components: evaporation from bare soil e 0 due to the water stored in surface depressions, and canopy evapotranspiration ET veg . The distinction between vegetation cover and bare soil is based on the equation proposed by Eagleson (1982) :
where M represents the fraction of soil covered by vegetation, µ is an extinction coefficient depending on land use: 0.35 for grass, 0.45 for crops, 0.5-0.77 for trees (Larcher, 1975) . The actual evapotranspiration from the canopy fraction M of each basin cell is evaluated as:
Evapotranspiration varies linearly between zero and the maximum rate until the relative saturation of soil is less than 0.75 (Rigon et al., 2002) . When saturation exceeds this threshold the potential evapotranspiration rate P E =P E−e wc is assumed. The actual evaporation from bare soil is evaluated by assuming that all the available water in depression storage evaporates until the potential rate is reached:
The potential evaporation P E is extremely important for correct water balance estimation. It may be computed with empirical formulas like the Thornthwaite equation or otherwise with the Penman-Monteith equation when more detailed climatic data is available, like: solar radiation, vapour pressure, air temperature, wind speed, etc. This equation is highly data demanding and for this reason we prefer to use the simplified formulation of the Penman-Monteith equation proposed by the FAO (Allen et al., 1998) where daily temperature is available.
Surface routing (hourly scale)
At the daily time-scale, we assume, as usually accepted for small and medium sized basins, that runoff concentration needs not to be modelled. Under such conditions, basin's daily streamflow is found as the sum of runoff, including exfiltration from subsurface redistribution and groundwater flow produced by a conceptual reservoir. When daily rainfall exceeds a threshold s the H-DREAM module (running at hourly scale) is activated and runoff is routed through the basin in order to obtain the flow hydrograph. The basin response function may be obtained in a GIS environment, through the extraction of topographic, topologic and hydrologic information from digital spatial data of the hydrologic system. In particular, for each cell of the basin, it is possible to define a flowpath over the hillslope and through the channel network up to the basin outlet and to evaluate the relative flowtime f t on the hypothesis that local (cell) velocity is constant. The flow directions are assigned using the D8 method which assigns from each grid cell to one of its eight neighbours, either adjacent or diagonal, in the direction with steepest downward slope (O'Callaghan and Mark, 1984) .
The flow velocity on the hillslopes and in the channels is determined with the Manning equation (V =n −1 R 2/3 i 1/2 ), where the hydraulic radius and the roughness coefficient are considered as static terrain characteristics and hence constant over time.
For each cell flowtime f t is calculated as the time required for water particles to travel on the hillslope and in the channel along the flowpath that connects the cell to the basin outlet. Direct streamflow is finally calculated as the sum of the contributions from every cell, accounting for the correspondent flowtimes, as expressed in the following equation:
where: Q s,t is the overland flow, τ max (h) is the maximum flowtime in the basin and d is the index of the sum expressed in hours.
Application of DREAM
DREAM was tested using data recorded at four different river gauged sites (Table 3) , located on the main stem of three (Fig. 2) . These basins are all located in Basilicata, a region of Southern Italy with fairly small urbanization compared to other Italian areas. The three river basins are quite heterogeneous in geology and other physical features.
Available database and estimation/calibration of model parameters
The hydro-meteorological data base includes daily records of rainfall, evapotranspiration and discharge and a few rainfallrunoff events sampled hourly. The spatial distribution of daily rainfall was accounted for by applying the Thiessen polygon method to the existing rainfall stations. For the hourly simulations rainfall records were available at fewer stations and precipitation was assumed uniform over the entire drainage area neglecting the spatial structures of the rainfall fields.
Corine land cover inventory was used to describe soil use and vegetal coverage. Changes of the vegetation states during the year were accounted for by modelling the variability of w sc according to monthly estimates of the Leaf Area Index (LAI ) based on remote sensing images. LAI was evaluated by means of monthly NOAA-AVHRR images with the following equation, valid for the investigated area, (CarauxGarson et al., 1998) :
where NDV I =(R N I R −R V I S )/(R N I R +R V I S ) is the Normalized Difference Vegetation Index, R V I S is the reflectance in the visible wavelengths (0.58-0.68 µm) and R N I R is the reflectance in the reflective infrared wavelengths (0.725-1.1 µm).
The hydraulic properties of soils were assigned from the European data base HYPRES (Wösten et al., 1999) and following Carriero et al. (2004) , who used a simple methodology based on correlations of soil texture with land use, morphology and geology, to downscale the HYPRES data (1 km) to the finer resolution (240 m) allowing a reliable parameterization of the soil texture of the studied basins. This allowed a priori estimates of parameters such as: porosity of soil, field capacity, soil depth, soil permeability, etc.
The Manning coefficient (n) was assigned as a function of land use (see Table 2 ). The hydraulic radius (R) was scaled along the network according to up-slope drainage area, while over the hillslope it is assumed constant and equal to 0.01 m. Channels and channel heads were mapped as the grid cells with upstream drainage area exceeding 5 cells (0.288 km 2 ). The grid resolution adopted in all simulations is 240 m, mainly imposed by the available digital terrain model.
In particular, combining the characteristic scaling of the hydraulic radius found in the regime theory (e.g., Albertson and Simons, 1964) with the scaling of the discharge with the drainage area found in our areas (see Claps and Fiorentino, 1998) , we determined that the hydraulic radius may change following a power law with exponent 0.26: (17) where: R max is a calibration parameter that determines the rate of change of R, A b represents the basin area at the outlet and A is the drainage area at any given point of the network.
Finally, DREAM requires three parameters to be calibrated from rainfall-runoff data: k G : recession constant of the linear groundwater reservoir, which was estimated by means of log-linear regression on the recession curve of daily streamflow records. In particular, it ranges from 45 (days), for Sinni and Bradano rivers, to 100 (days) for Agri;
c: "subsurface flow coefficient", a function of lateral hydraulic conductivity which in principle should change within the basin according to the soil properties of the cells. It was assumed as a basin constant and was calibrated on the first year of daily streamflow data. In particular, the value which provided the minimum Root Mean Square Error (RMSE) was chosen. The analyses carried out over the considered basins indicate that the best estimate for the parameter c at the daily scale was equal to 0.25 (day −1 ) for all the considered basins. The same value was assumed as a first order approximation for c at the hourly scale, too. This assumption will be commented later on.
R max : maximum "constant" hydraulic radius, which controls the flow routing process of surface runoff. It represents the only parameter calibrated on a single storm event (hourly simulation) and is assumed equal to 0.2 m at Tarangelo, the same value was used to assess the simulation of the Agri at Grumento. 
Model runs and results
D-DREAM runs were performed using 7 years of daily data from gauged sites at Bradano at ponte Colonna (from 1955 to 1961) , Agri at Tarangelo (1951 -1957 , and Sinni at Pizzutello (1951 Pizzutello ( -1957 . In all cases, the first year was used for model calibration and the remaining six years for model validation. The soil moisture content at the beginning of the calibration period was arbitrarily assumed equal to the field capacity in all basin cells. Notwithstanding the unreliability of the choice, the length of the calibration period and the good quality of results hereafter indicates that model performances are not affected by such initial condition.
Results of D-DREAM simulations are displayed in Fig. 3 , comparing simulated versus measured time series (Fig. 3a , b and c) and flow duration curves (Fig. 3d, e and f) , both relative to the entire record of observation. In all cases, we obtained satisfactory results considering the range of climate covered. The Absolute Average Error (AAE) is consistently below 4 m 3 /s while the coefficient of efficiency of Nash and Sutcliffe (1970) is always above 0.83.
The flow duration curve can represent a useful and simple descriptor of the river regimes. On the other hand the time series highlight the capability of the model to reproduce a wide range of characteristics of the observed records, including seasonality and high frequency variability. In Fig. 3 (and 4 ) the simulated time series are inverted in order to avoid overlap of observed and calculated discharge and to allow for a better visual comparison.
H-DREAM was tested in a continuous hourly simulation of streamflow data recorded over 5 months at Grumento on the Agri River. The gauged station is currently operative and provides hourly records of temperature, precipitation and water levels in a regular river section. Although the records have sporadic interruptions, they constitute a valuable benchmark database for model application at hourly time scale. Figure 4 shows, also in this case, a good model performance. In addition, a DREAM application (daily and hourly time steps) was made to verify the model capability to reproduce a single flood event. The historical flood event was recorded in March 1951 at the Agri at Tarangelo and only five days of hourly rainfall and discharge records were available. The simulation was made with a D-DREAM run starting from the first of January 1951 with initial soil moisture state at the field capacity. Figure 5a shows that in less then 15 days, actually after the first daily rainfall event, the daily simulation is already acceptable. The good fit between H-DREAM and the hourly streamflow record, shown in Fig. 5b , testifies the reliability of the distributed initial soil moisture conditions provided by D-DREAM and assumed by H-DREAM. However, it is necessary to point out that the simulation is based on averaged rainfall inputs obtained from point measurements. Lack of detailed information on space rainfall distribution forced the assumption of uniform rainfall fields.
One may observe a good overall agreement between the simulated and the observed hydrograph data and an underestimation of about 8% of the flood peak (Fig. 5b) . It is worth noting that a better fit of the peak flow could be obtained with a higher value of the parameter c (coefficient of subsuperficial redistribution), which, during flood events, may be affected by an increase of the hydraulic conductivity due to preferential flows that develop at the hillslope scale. On the other hand such kind of refinement was unfeasible due to the poor quality of the rainfall input which was assumed uniform over the basin area due to the lack of information about space distribution.
Final remarks
DREAM has a simple structure which requires the calibration of a reduced number of parameters. One of the most significant features of the model is the evaluation of lateral flow exchanges by means of a redistribution function weighted by the wetness index proposed by Kirkby (1975) . Such solution allows to define a global parameter called subsurface flow coefficient which is calibrated based on daily streamflow data. DREAM also requires an accurate description of the soil coverage, texture and depth. Nevertheless the application showed that such data may be robustly drawn from large scale European databases and appropriately assimilated. In particular, vegetal coverage from Corine land cover was integrated with monthly NOAA-AVHRR images while the hydraulic properties of soils were taken from the European data base HYPRES and downscaled with a simple procedure proposed by Carriero et al. (2004) .
The encouraging results obtained by the application of DREAM to real data stimulate our research toward a deeper comprehension and physical interpretation of the hydrological processes like variations of soil states, which strongly influences the hydrological basin response. Such results promote DREAM as a useful tool to understand basin behavior and to predict basin stream flow. The model structure is also suitable for continuous simulation studies that are considered, by numerous authors (e.g. Lamb and Kay, 2004; Blazkova and Beven, 2004; Manfreda et al., 2004) , one of the most promising tool for flood risk prediction. Indeed, results not reported in this paper for the sake of brevity, show that DREAM, coupled with a stochastic rainfall model, is also able to fairly reproduce the observed peak flow annual maxima probability distribution (Manfreda, 2004) .
Appendix A: Leakage estimation
In DREAM, groundwater recharge is estimated as the integral of the vertical leakage through the vadose zone over the time step t, used in the simulation. The vertical leakage may produce significant overestimation of recharge if computed directly from Eq. (11). A more accurate and numerically efficient representation of the process is provided in the following.
In the hypothesis that soil moisture variation is controlled only by the leakage loss, a hypothesis commonly accepted for soil moisture exceeding field capacity, the vadose zone drain balance may be approximated by the following equation: 
Assuming that the vertical leakage is null for soil moisture values below the field capacity, the leakage loss function during t is derived: 
Equation (20), tested against numerical integration, provides a good approximation of the integral of Eq. (11).
